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ABSTRACT
Sixteen years of Tropical Rain Measuring Mission (TRMM) reflectivity profile data are collected for
oceanic, continental, and island tropical regions within the boreal winter intertropical convergence zone
(ITCZ). When sorted by the rain top height (RTH), a consistent behavior emerges where the average
reflectivity profiles originating at different RTHs form non-overlapping manifolds in the height–reflectivity
space, excluding the brightband regions for stratiform type profiles. Based on reflectivity slope (dBZ km21)
profile characteristics and physical considerations, the profiles are divided into three classes: 1) cold profiles,
which originate above the 2208C isotherm height and display convergence to a single reflectivity slope profile
independent of RTH; 2) warm profiles, which originate below the 08C isotherm height and display strong
reflectivity slope dependence on RTH, with slope values per RTH linearly decreasing with decreased height;
and 3) mixed profiles, which originate at the layer located in between the lowest cold rain and highest warm
rain profiles and show a gradual transition from cold profile to warm profile reflectivity slope behavior.
Stratiform type profiles show similarity for all regions. It is shown that the typical tropical stratiform cold rain
profile can be simply parameterized given the temperature profile. Convective type profiles present larger
interregional differences. Their deviation from the typical stratiform cold rain profile is used as a measure for
convective intensity, where continental and island regions show larger deviations compared to oceanic ones.

1. Introduction
Rain plays an important component in both the energy budget and hydrological cycle of Earth (Held and
Soden 2006; Marvel and Bonfils 2013; Trenberth et al.
2009). With respect to the energy cycle and distribution
of heat, air laden with moisture in tropical regions [especially the intertropical convergence zone (ITCZ)]
ascends to the high troposphere, where latent heat
is released and transported poleward, fueling the global
circulation. The importance with respect to the hydrological cycle is straightforward, as rainfall is the main natural source of freshwater over land. Hence, understanding
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rain is crucial when dealing with global circulation and
hydrological models, especially in light of predicted global
warming scenarios, which are expected to alter rain patterns and distributions as well as global temperatures
(Coumou and Rahmstorf 2012; Held and Soden 2006;
Marvel and Bonfils 2013).
The Tropical Rainfall Measuring Mission (TRMM),
lasting from late 1997 to early 2015, was designed to
collect rainfall data over tropical and subtropical regions. Equipped with a first-of-its-kind spaceborne
Precipitation Radar (PR; Kozu et al. 1994), TRMM
retrieved explicit measurements of backscattered radiation from precipitation hydrometeors to obtain reflectivity vertical profiles. Measurements from the PR
are often used as validation for the IR and microwave
passive sensor measurements (Petty and Li 2013; Viltard
et al. 2006). Although TRMM data only include instantaneous snapshots of rain events, by collecting large
statistics from many overpasses, one can span the whole
range of profile types and temporal stages of profile
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evolution for a given region. These data can then be used
to link vertical profile characteristics with physical
mechanisms of hydrometeor growth, phase change, etc.
Many studies using ground-based radars or TRMM PR
data focused primarily on surface rainfall and comparisons with ground-based rain gauges as part of
ground validation (e.g., Bolen and Chandrasekar 2000;
Kirstetter et al. 2013b; Liao and Meneghini 2009; Wang
and Wolff 2012). Here, we use the vast statistics from
TRMM PR to try and understand the structures of
average reflectivity profiles within the ITCZ.
Assuming Rayleigh approximation, reflectivity
Z (mm6 m23) is shown to be proportional to the sixth
moment of the precipitation hydrometeor size distribution, that is, Z } D6 (Wilson and Brandes 1979). We
note that the Rayleigh approximation can be considered valid using the TRMM PR (Arai and Liang 2010;
Gunn and East 1954) for all but the highest rain rates
(i.e., larger than ;20 mm h21) that are relatively uncommon. Although reflectivity is an indirect measure
for the precipitation hydrometeor size distributions
(PSDs), it is highly sensitive to the larger hydrometeor
sizes and can be used as a proxy for hydrometeor
growth processes in clouds. In general, reflectivity
profiles are shown to increase with decreasing height
(Kirstetter et al. 2013a; Konrad 1978; Liu 2003). This is
also seen in section 3a below, where most average reflectivity profiles tend to increase with decreasing
heights. Taking the exponential distribution (a special
case of the more general gamma parameterization;
Uijlenhoet et al. 2003) as a simplified representation
for the PSD, the increase in reflectivity may be due to
an increase in hydrometeor number, mean size, or both
(see the appendix for details, neglecting other nonPSD-related effects like radar physical and geometrical
properties or hydrometeor phase transitions that will
be described below).
As a simple representation for hydrometeor growth in
an average precipitation profile, it is useful to use the
continuous collection (CC) framework (Bowen 1950;
Ludlam 1951). Neglecting updrafts, one obtains the following expression for the diameter of an average hydrometeor falling within a population of liquid or ice cloud
particles (taking the melted equivalent diameter for ice):
D 5 106

EL
H,
2rw

(1)

where E is the collection efficiency (dependent on sizes
and phases of interacting water species), rw is the liquid
or ice water density (g m23), L is the cloud liquid/ice
water content [CWC (g m23)], and H (km) is the distance traveled by the falling hydrometeor.
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We note that for individual profiles continuous collection is most applicable in the case of stratiform rain,
where weak vertical motions are present. In growing
stages of convective cells, significant updrafts may either
increase the expected falling hydrometeor size with
distance traveled due to increased time of growth or
even reverse the direction of hydrometeor growth (i.e.,
size increase with increasing height; more details below).
Moreover, in reality hydrometeor growth is of stochastic
nature and that continuous collection typically underestimates hydrometeor growth (Berry 1967; Young
1975). It is necessary to incorporate processes such as incloud turbulence (Kostinski and Shaw 2005; Xue et al.
2008), droplet breakup (List et al. 1987; Seifert et al.
2005), and specific storm dynamics (Snyder et al. 2015)
to capture the evolution of individual reflectivity
profiles.
Nevertheless, the average profiles demonstrate that
Eq. (1) may be a valid approximation in many cases and
that hydrometeor size should scale with height. Equation (1) also illustrates the fact that growth processes
depend on the particle size distribution, temperature,
and CWC (sum of liquid and ice water contents). The
latter two determine the type of hydrometeor expected
to form (Kobayashi 1961; Korolev et al. 2003; Mossop
and Hallett 1974) and therefore the expected types
of interactions between water species (e.g., aggregation, riming, and collision–coalescence; Ludlam 1952;
Pruppacher and Klett 1978; Rosenfeld and Lensky
1998). In addition, the temperature profile determines
the hydrometeors’ phase, which influences the measured effective reflectivity via the dielectric constant
(Probert-Jones 1962; Uijlenhoet 2001; see section 2c
for more details).
Several previous studies have attempted to establish
statistical models for reflectivity profiles from groundbased radars, focusing mostly on profiles with tops located above the melting level (cold rain, including ice
phase). For simplicity, we shall hereafter refer to
reflectivity in logarithmic units (dBZ; see section 2b)
and consider increases in reflectivity with distance
traveled from a reference top height as positive reflectivity slope. Konrad (1978) has shown that above the
melting level, cloud core reflectivity profiles increase
nearly linearly with a slope of 2.5 dBZ km21. The range
of reflectivity slopes around the cloud core reflectivity
peak from observations was shown to be between 1.5
and 3 dBZ km21. Others have reported convective dBZ
slopes above the melting level (from ;08 to 2208C
temperature range) ranging from 1.3 to 6.5 dBZ km21
(Yuter and Houze 1995; Zipser and Lutz 1994), with
;1.5 dBZ km21 applying to continental intense storms,
;4 dBZ km21 applying to continental showers, and
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;6 dBZ km21 applying to oceanic regime storms. All
studies have found the reflectivity slope slightly above
the melting level to decrease as peak profile reflectivity
increases (e.g., the most intense continental hail storms
exhibit lowest dBZ slopes).
The reflectivity slopes below the melting level for
profiles with tops colder than 08C were found to remain
nearly constant till the surface (Harper 1957; Konrad
1978; Zipser and Lutz 1994). Contrary to these findings,
Liu and Zipser (2013) found that average reflectivity
slopes below the melting level tend to be either positive
(reflectivity increases toward the surface) over water or
negative (reflectivity decreases toward the surface) over
land. These findings are in agreement with previous
studies (Donaldson 1961; Hirose and Nakamura 2004;
Szoke et al. 1986) showing more negative reflectivity
slopes nearby and below the melting layer for increased
storm intensity. The negative slopes over land/increased
convection areas can be explained with two main
factors:
1) Land areas experience stronger convection with
updrafts larger than the typical terminal velocity of
many of the raindrops (;5 m s21). The raindrops
elevate while still collecting cloud droplets that are
carried with the updrafts, creating a negative reflectivity slope that typically peaks around the melting
level (Liu and Zipser 2013; Yuter and Houze 1995).
2) Lower relative humidity below the cloud base over
dry continental areas (mainly the African Sahel,
southwestern United States, and Australia) results
in subcloud evaporation of rain (Liu and Zipser 2013;
Schumacher and Houze 2006).
The goal in this work is to use large statistics of the
TRMM PR data to understand the nature of average
reflectivity profiles within the tropical ITCZ. Previous
studies have also used radar reflectivity statistics for
complete vertical profile analyses (e.g., Konrad 1978;
Liu 2003; Shige et al. 2004, 2013). However, contrary to
the common procedure in the studies listed above of
binning the data according to the surface reflectivity,
here we follow another common approach (e.g.,
Furuzawa and Nakamura 2005; Takayabu 2002) and
stratify the data according to the rain top height (RTH;
see details in section 2b), revealing several characteristic
behaviors of the reflectivity profiles that depend on their
top height. Moreover, coupled with temperature profiles,
we wish to link temperature-dependent microphysical
processes with the ‘‘typical’’ vertical profile of reflectivity.
Ultimately, one can use these findings to translate cloudtop heights to entire reflectivity profiles based only on a
few physical assumptions. Such understanding of rain
profiles can be of benefit to global circulation models
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where cloud and precipitation processes are parameterized (e.g., Donner et al. 2011; Liu et al. 2007).

2. Methods
a. Datasets and regions of interest
This work is based on data from the years 1997 to
2014, but is limited to the boreal winter (DJF) months,
during which the location of the ITCZ belt is relatively
stationary (Waliser and Gautier 1993). We note that
analyses from within the ITCZ during other seasons are
expected to yield similar results. In Fig. 1a, mean DJF
surface rain rates (mm h21) are shown between 358S and
358N. The rain-rate data are based on TRMM 3B43,
version 7, monthly rain-rate product [see Huffman and
Bolvin (2014) for details]. The ITCZ belt is clearly
highlighted, indicated by a zonal band of relatively high
rain rates, located slightly above the equator over the
oceans and slightly below the equator over continents.
We selected twelve 58 3 58 boxes residing within the
ITCZ (see Fig. 1a), including four oceanic regions (midPacific, Atlantic, Indian Ocean, and Warm Pool),
four continental regions (Amazon-West, Amazon-East,
Africa-West, and Africa-East), and four island regions
(Madagascar, Java–Sumatra, Borneo, and New Guinea).
In Table 1 regional statistics of topography (see also
contours in Fig. 1a) are displayed, showing considerable
variance, ranging from shallow plains to extreme mountainous islands.
Meteorological data used for interregional comparison
in this work were taken from GDAS reanalysis data
(Parrish and Derber 1992; Saha et al. 2006). The data are
of 18 spatial resolution and 6-h temporal resolution. Only
data within 3 h of a TRMM-measured rain event were
taken into account. For each event, a 58 3 58 regional
average of chosen meteorological parameters (e.g., CAPE,
precipitable water, temperature, and relative humidity
vertical profiles) was taken. All events were then averaged
together to get a mean value and corresponding standard
deviation. Lifting condensation level (LCL) calculations
were based on actual surface pressure, temperature, and
relative humidity data (Bolton 1980).
Vertical profiles of reflectivity were obtained from
the TRMM 2A25, version 7, product (Iguchi et al. 2000,
2009). The reflectivity obtained by TRMM is in fact
effective reflectivity, where the dielectric constant of
hydrometeors is assumed to be that of water for all
heights. At nadir, TRMM PR has a footprint size of
;5 km (was ;4.3 km before 2001 orbit boost) and a
vertical resolution of 250 m (Kozu et al. 1994; X.-T. Liu
et al. 2012), reaching from the surface to 20 km above
the geoid. The PR has an operation frequency of
13.8 GHz (;2.17-cm wavelength) and a sensitivity limit
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FIG. 1. (a) Twelve selected regions of interest, including four oceanic (blue boxes), four continental (red boxes), and four large islands
(green boxes). All regions are 58 3 58, named (from west to east): mid-Pacific (58–108N, 1358–1308W), Amazon-West (78–28S, 72.58–
67.58W), Amazon-East (78–28S, 608–558W), Atlantic (08–58N, 358–308W), Africa-West (58S–08, 168–218E), Africa-East (158–108S, 258–
308E), Madagascar (218–168S, 448–498E), Indian Ocean (9.58–4.58S, 72.58–77.58E), Java–Sumatra (7.58–2.58S, 1038–1088E), Borneo
(2.58S–2.58N, 1118–1168E), New Guinea (7.58–2.58S, 1388–1438E), and Warm Pool (28–78N, 1558–1608E). Background color scheme represents
mean DJF rain rates (mm h21) derived from the TRMM 3B43 product. Black and white inland contours mark the 0.5- and 1-km elevation
heights, respectively. (b) All Atlantic region convective type (see section 2c) vertical profiles of reflectivity with RTH at 10 6 0.125 km.
Different line colors correspond to different instrument incidence angles, as indicated in legend. Boldface black line with error bars
corresponds to the average reflectivity (using linear averaging, see section 2b) and standard error of the mean per height. (c) Average
reflectivity profile using different number of individual profile samples (see legend for numbers). (d) Dependence of average profile
standard error to mean value ratio on number of profile samples.

of ;17 dBZ (Kummerow et al. 1998). The radar signal
is subject to considerable path attenuation by hydrometeors, which is corrected for using a hybrid between the
surface reference technique (SRT) and the Hitschfeld–
Bordan method (Meneghini et al. 2004). The attenuation
correction together with nonuniform beam filling (especially for isolated convective elements) and significant
clutter near the surface are considered as sources of
errors in the PR data (Iguchi et al. 2009). As seen in
section 2b, we attempt to limit surface clutter contamination that can affect the lower portions of vertical
profiles up to heights of ;2.5 km above the actual surface
(Hirose et al. 2012). The other uncertainties are considered as inherent to the instrument/product algorithm and
are not dealt with during this work.

b. Data analysis and averaging
The total amount of profile samples collected per region is shown in Table 1, ranging from 6 3 105 for
Africa-West to 1.3 3 106 for New Guinea. Data were
constrained to include only nonintermittent profiles
(i.e., profiles with no empty reflectivity measurements
from profile top to bottom) that experienced certain

surface rain (TRMM 2A25 estimated surface rain
product .0), resulting in a reduction of 24%–32% in
profile number per region. The nonintermittent constraint accounts for ;15%–20% of the reduction, while
the nonzero estimated surface rain constraint accounts
for the rest. These constraints were applied to focus this
analysis on mature- and dissipation-stage rain profiles
without initial stages of the rain profile evolution where
rain has yet to reach the surface. Moreover, the nonintermittent constraint removes highly variable reflectivity profiles (which add significant noise to the
averaging) and limits the chance of rain clouds originating from different heights overlapping in a single
TRMM pixel (e.g., large anvil above shallow cloud).
However, because of the footprint size of ;5 km, we
cannot exclude cases of coexisting rain clouds or rain
types (i.e., convective and stratiform, see section 2c)
within the same pixel.
As an example of the analysis procedure, all Atlanticregion convective profiles (a total of 653 profiles) originating from an RTH (i.e., the highest nonzero measurement in
the profile, taking incidence angle into consideration to
calculate true height above the geoid) of 10 km are shown

59.1 6 19.8
66.3 6 15.5
68.9 6 17.1
63.3 6 18.2
79.3 6 14.0
77.5 6 14.9
71.4 6 15.9
79.1 6 12.5
69.8 6 16.7
77.8 6 12.8
79.2 6 11.5
79.2 6 10.6
80.6 6 10.0
81.6 6 8.0
81.2 6 7.9
78.4 6 9.8
86.1 6 6.5
84.4 6 8.1
78.0 6 9.7
84.8 6 7.7
80.9 6 9.0
83.4 6 6.6
85.3 6 6.4
84.7 6 5.6
80.2 6 10.8
80.9 6 8.8
79.8 6 7.8
78.8 6 9.3
84.9 6 7.9
83.6 6 8.6
77.7 6 9.8
82.9 6 9.5
81.6 6 9.5
82.2 6 6.3
85.1 6 7.2
83.9 6 7.0
50.5 6 4.5
53.0 6 3.2
55.3 6 4.0
55.5 6 5.4
57.6 6 2.8
56.7 6 3.2
48.8 6 3.0
39.8 6 2.3
46.3 6 4.4
55.9 6 3.0
54.4 6 2.6
52.3 6 2.4
482 6 253
585 6 241
808 6 296
800 6 294
965 6 621
903 6 496
1151 6 533
715 6 459
689 6 374
665 6 251
697 6 374
583 6 360
76.3
74.0
72.8
73.1
68.5
68.5
60.8
70.1
70.0
69.5
70.4
70.6
90.9
89.8
89.1
89.7
86.4
86.1
79.9
88.1
87.8
87.5
88.1
88.6
885 652
1 012 262
1 042 111
1 046 572
1 221 588
1 069 855
649 661
1 197 510
1 183 572
1 179 643
1 217 344
1 348 857
Mid-Pacific
Atlantic
Indian Ocean
Warm Pool
Amazon-West
Amazon-East
Africa-West
Africa-East
Madagascar
Java–Sumatra
Borneo
New Guinea

—
—
—
—
90 6 28
92 6 57
357 6 67
1192 6 148
802 6 457
101 6 154
355 6 298
606 6 776

467 6 66
494 6 76
546 6 82
563 6 88
432 6 189
489 6 271
993 6 327
1616 6 227
980 6 198
571 6 121
616 6 187
847 6 171

20.13 6 0.11
20.13 6 0.11
20.12 6 0.10
20.12 6 0.11
20.10 6 0.10
20.08 6 0.09
20.06 6 0.08
20.08 6 0.08
20.14 6 0.12
20.10 6 0.08
20.11 6 0.09
20.13 6 0.10

PWAT (kg m22)
VVEL650 (Pa s21)
CAPE (J kg21)
LCL (m)
nint (%)
SRR (%)

Total profile statistics

No.

Elev (m)

Topography and meteorological statistics

RH0–2 (%)

RH2–5 (%)

RH5–10 (%)

HEIBLUM ET AL.

Region

TABLE 1. Regional statistics of elevation height (elev), TRMM profile amount, and selected meteorological parameters. TRMM profile statistics include total amount of collected
profiles (No.), percent of profiles with positive estimated surface rain SRR, and percent of profiles that are both nonintermittent nint and have positive estimated surface rain. Meteorological parameters include LCL, CAPE, vertical velocity at 650 hPa (VVEL650), precipitable water (PWAT), and mean relative humidity (RHx) within three atmospheric layers: 0–2,
2–5, and 5–10 km. Means and std devs are displayed for topography and meteorological parameters.
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in Fig. 1b. Based on previous work (Hirose et al. 2012)
and collected statistics of lowest clutter-free bins, we
applied a conservative approach and discarded the lower
portions of profiles at risk of surface clutter contamination. The thin lines of different color represent profiles of
different incidence angles, from nadir (ray 0) to 6178 (ray
24). It can be seen that the lowest clutter-free height
(above the actual topographic surface) taken in this work
ranges from 1 km at nadir to 2.5 km at the slant edge. A
large variation between individual profiles is seen, corresponding to different types or temporal stages within
the lifetime of a convective core. However, is it noticeable that the density of profiles in the height versus
dBZ space is not homogeneous and tends to peak near
the average reflectivity profile (boldface black line,
Fig. 1b) but at slightly lower reflectivity values, since
the averaging was performed over linear reflectivity
values that are positively skewed and thus biased to
higher reflectivity.
In creating an average vertical profile, we followed the
approach taken in previous studies (Heymsfield et al.
2000; Kitchen 1997; Rakovec 1997; Wang and Wolff
2009) and first converted logarithmic reflectivity (dBZ;
unitless) to linear reflectivity (i.e., Z; mm6 m23) using
the equation Z 5 10dBZ/10 and then converted the average profile back to dBZ using the inverse relation. The
averaging itself was performed by sorting profile data
according to height so that each height bin had an equal
amount of samples. This method limits the influence of
low count statistics at either high or low altitudes. In
addition, we applied a minimum threshold of 250 individual profiles for creating each average profile data
point. This choice of threshold is justified in Figs. 1c and
1d, where we show the effect of changing the number of
profile samples on the average reflectivity profile
(Fig. 1c) and its corresponding standard error to mean
value ratio, per height (Fig. 1d). It can be seen that even
above 50 samples, the average profile nearly converges
to that using hundreds of samples. However, to limit the
ratio of standard error to mean value below 10%, a
sample size of at least 250 profiles is needed. Similar
results are also seen for subsets of profiles from
other RTHs.

c. Rain classification
We use TRMM 2A23 product classification of rain
type to convective and stratiform types. The ‘‘others’’
rain type given by the product amounts to no more than
0.1% of the data (see Table 3, described in greater detail
below) and was excluded from this work. Rain type is
defined as stratiform based on two main conditions
(Awaka et al. 2009, 1997): 1) a brightband (BB) layer is
measured in the vicinity of the melting level or 2) the
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TABLE 2. Temperature level boundaries (8C) for cold, mixed,
and warm rain subtypes and divided into stratiform and convective
rain types. Convective rain types are further divided into ocean and
land (i.e., continental and island) regions. Boundaries were derived
using analyses as seen in Figs. 5 and 6. Note that the boundaries for
stratiform rain are identical for both ocean and land.
Convective

Cold
Mixed
Warm

Stratiform

Ocean

Land

T , 258
258 , T , 58
T . 58

T , 2208
2208 , T , 08
T . 08

T , 2408
2408 , T , 08
T . 08

rain pixel is part of a cluster of pixels that experience
spatially homogeneous reflectivity values or low reflectivity values. Convective rain type is generally assigned to the rest of the profiles. We note that for
nonisolated warm (shallow) rain that is absent of the
BB feature, stratiform profiles differ from convective
ones solely by their reflectivity values. Finally, all
profiles that are spatially isolated or contain extreme
reflectivity measurements (.39 dBZ) are classified as
convective.
The BB feature appears as a reflectivity peak slightly
below the altitude of the 08C isotherm, in the melting
layer of rain profiles. As ice phase hydrometeors descend below the 08C level, they start to melt and obtain a
liquid coating. Since the dielectric constant of water is
higher than that of ice, there is a rapid increase in radar
reflectivity, creating the BB peak. Moreover, increased
aggregation (i.e., wet snow is ‘‘stickier’’; Hosler et al.
1957; Mitchell 1988) and a density effect where frozen
hydrometeors with a liquid coating appear like large
rain drops (Fabry and Zawadzki 1995) can also contribute to the BB peak. After the hydrometeors are fully
melted, their falling terminal velocities increase, decreasing their spatial volume concentration and resulting
in a sharp decrease in reflectivity (Fabry and Zawadzki
1995; Wexler 1955; Willis and Heymsfield 1989).
Generally, the convective rain profiles are measured
in the cloud core regions, where intense updrafts and
downdrafts transport hydrometeors above and below
the 08C level and mask the features of a BB. The stratiform rain profiles are measured away from cloud core
regions (i.e., far from intense convection, typically at the
periphery of convective cloud systems) or during the
dissipative stages of the cloud, when vertical motions are
weaker and lower cloud water contents are measured
(Houghton 1968; Houze 1997; Smull and Houze 1985;
Sui and Li 2005). One should not confuse the rain type
names with their equivalent cloud type names, since
none of the profiles examined here represent nimbostratus clouds, which are common in the subtropics and
midlatitudes but not in the tropical regions (Fig. 1a).
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In addition to the general classification of convective
and stratiform, the profiles are classified here based on
their RTH to three additional subtypes: cold, mixed, and
warm rain. The temperature level boundaries for each of
the subtypes are summarized in Table 2 and were determined using analyses similar to those that will be in
Figs. 5 and 6 (described in greater detail below). Generally, warm profiles refer to those with RTH located
below the 08C isotherm height (or the height for which
mixed-phase hydrometeors might exist), cold profiles
refer to those with RTH located above a height for
which the cloud is expected to contain mostly ice, and
mixed profiles refer to the intermediate heights. The
temperature-level boundaries between classes are different for land (continental and island) and ocean, and
for stratiform or convective cases, as seen in Table 2.
The separation to subtypes of stratiform rain profiles is
similar for all region types, as can be expected since a
narrow region near the 08C level in the stratiform regions of deep convective clouds generally separates the
liquid and glaciated parts (Smull and Houze 1985; Stith
et al. 2002; Willis and Heymsfield 1989). The separation
to subtypes of convective rain profiles are consistent with
previous work that found much lower glaciation temperatures for clouds over land, occasionally reaching near
the homogeneous freezing level (;2408C; Rosenfeld
and Woodley 2000; Williams E. et al. 2002; Yuan
et al. 2010).

3. Results and discussion
a. Reflectivity profiles sorted by RTH
When averaged together as a function of RTH, a
consistent behavior of the reflectivity profiles emerges.
In Fig. 2, reflectivity profiles for each of the 12 tropical
regions [four over ocean (blue), four over continents
(red), and four over large islands (green); see Fig. 1a]
were sorted and averaged according to RTH. As expected for regions located within the ITCZ belt, the
mean temperature profiles (see right-hand-side y axis)
are almost identical up to at least 15 km for all regions.
Sorting by RTH yields a clear separation between the
average profiles, with no overlaps (i.e., for a given height
in the atmosphere, the reflectivity at that height is higher
for profiles with higher tops).
An obvious consequence is that as RTH increases, the
average near-surface reflectivity monotonically increases as well. Also noticeable are the different shapes
(slopes) of profiles in different layers, which are further
explored below. The characteristic shapes of reflectivity
profiles have been used in the past as the basis for correction of surface rainfall measurements at far distances
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FIG. 2. Mean vertical profiles of radar reflectivity (dBZ; colored lines), sorted and averaged as a function of RTH, with vertical binning
resolution of 1 km. A minimum of 250 profiles per RTH was imposed on the data. The panels correspond to the regions defined in Fig. 1a
(line colors correspond to box colors in Fig. 1), with region names included in the legends. Temperature (8C) corresponding vertical scales
are displayed on the right-hand side of each panel. Also included are total radar counts as a function of height (log10 units; black lines).
Notice the sharp decrease in radar counts below ;2 km, where much of the data are excluded to avoid surface clutter issues.

from ground radars (Andrieu and Creutin 1995; Vignal
et al. 1999). However, these studies have not considered
the dependence of characteristic profiles on their RTH.
For all regions, the number of total samples (i.e., including all RTHs) available per height increases with
decreasing height up to about ;2.5 km, where a decrease in sample statistics is seen because of the exclusion of off-nadir profile data at those heights. The
decrease in samples occurs at higher heights for regions
with elevated topography (e.g., Africa-East, Madagascar, and New Guinea).
It can be seen that the amount of high RTH profile
statistics varies from region to region. Continental and
island regions have sufficient statistics up to 16 km
(slightly below the tropopause height), while oceanic
region profiles (except the Warm Pool) only reach up to
;13–14 km. Comparison of meteorological parameters
for all regions (see Table 1) shows a general similarity
for most parameters [e.g., relative humidity, precipitable water, and effective LCL height (i.e., mean
LCL height minus mean elevation height)] between the
regions. However, a few distinct differences are noticed:
1) oceanic regions have lower mean relative humidity
above the 08C height; 2) continental regions have higher
means and variances of CAPE and effective LCL values,
but lower means of large-scale midatmospheric vertical

velocity; and 3) despite having the largest variance in
topography, island regions tend to show intermediate
values (i.e., between oceanic and continental) for most
parameters.
We next perform rain data classification to convective
and stratiform rain types. Rain type statistics (including
cold, mixed, and warm subtypes) are summarized in
Table 3. For all regions, at least two-thirds of profiles are
of stratiform type, with most profiles being of stratiform
cold type, and the least of stratiform warm type. The
dominance of stratiform rain statistics increases for
continental and island regions, reaching up to 80% of
profiles for Africa-East. The convective profiles are
dominated by warm type profiles for oceanic regions
(indicating the prevalence of shallow isolated convection over the oceans; Schumacher and Houze 2003) and
mixed type profiles for the other regions. Cold convective type accounts for only a few percent of all profiles.
Taken as case studies for the oceanic, continental, and
island regions, data from the Atlantic, Africa-West, and
Madagascar regions are sorted and averaged by RTH at
250-m intervals and divided into stratiform (Fig. 3) and
convective (Fig. 4) rain types. All 12 regions were analyzed (not shown here) and are well represented by the
case studies. The average stratiform profile plots (Fig. 3)
for all three regions appear very similar to one another.
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TABLE 3. Percent of profiles per rain type. The percent is with
respect to total amount of nonintermittent profiles with positive
estimated surface rain. Rain types include stratiform cold (StC),
mixed (StM), and warm (StW); convective cold (ConC), mixed
(ConM), and warm (ConW); and other as defined in the TRMM
2A23 product.
Rain type statistics (%)
Region

StC

StM

StW

Mid-Pacific
Atlantic
Indian Ocean
Warm Pool
Amazon-West
Amazon-East
Africa-West
Africa-East
Madagascar
Java–Sumatra
Borneo
New Guinea

25.5
28.5
30.9
32.4
38.8
35.3
44.6
42.2
36.6
37.4
37.7
41.6

24.5
25.6
27.0
23.7
30.2
29.2
24.0
35.0
28.8
26.1
30.2
29.0

15.4
11.9
11.0
11.8
7.7
8.4
2.2
2.2
6.6
8.0
7.0
6.6

ConC ConM
2.0
2.5
2.7
3.3
1.3
1.6
5.9
2.0
2.5
1.6
1.2
1.3

6.5
10.8
9.2
9.7
13.4
14.5
19.9
15.9
15.7
15.8
15.0
13.7

ConW

Other

26.0
20.6
19.0
19.1
8.6
10.9
3.4
2.7
9.8
11.1
8.9
7.8

0.1
0.1
0.2
,0.1
,0.1
,0.1
,0.1
,0.1
,0.1
,0.1
,0.1
,0.1

Similar to Fig. 2, profiles originating from different
RTHs show non-overlapping manifolds at all levels except for high RTH profiles around the BB region
(slightly below the 08C level, ;4.8 km), where BB effects
dominate the reflectivity signal and the profiles converge
to similar peak reflectivity values. Nonetheless, above
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and below the BB layer, the separation in reflectivity
between average profiles is generally retained.
The cold, mixed, and warm type profiles are marked in
blue, magenta, and red, respectively. For cold stratiform
profiles, there is a relatively weak increase in reflectivity
with decreasing height until a sharp increase around
the 258C level followed by the BB region. Below the BB
region (below ;3.5 km) slight interregional differences
are seen, where the oceanic region shows consistent increase in reflectivity while the continental and island
regions show relatively constant reflectivity, varying from
weak decreases to weak increases. In addition, sufficient
statistics for cold stratiform profiles extend up to ;1 km
higher over land (continental and island) regions. The
warm stratiform profiles show monotonic reflectivity increase with decreasing height, with the magnitude of increase highest at top and lowest at the bottom. The mixed
type profiles present a transition between cold type and
warm type behaviors, as RTH decreases. Also included
are histograms of RTH counts (Figs. 3d,e) showing a
unimodal (bimodal) shape with a peak at 5.5 km (3.25 and
5.25 km) for land (oceanic) regions.
The average convective profiles are shown in Fig. 4
and exhibit manifold separation at all levels and for all
regions. The cold convective profiles can be separated to
three main segments with respect to decreasing height:

FIG. 3. Case study comparison of stratiform rain type reflectivity profiles, sorted and averaged as a function of RTH, with vertical
binning resolution of 0.25 km. Case studies include (a) Atlantic (oceanic region), (b) Africa-West (continental region), and
(c) Madagascar (island region). Blue, magenta, and red colors refer to cold, mixed, and warm type profiles as classified in section 2c, with
horizontal dashed–dotted lines marking the transition between the different types. (d) Histogram of profiles per RTH for the case study
regions; (e) heights .10 km portion of the histogram is magnified.
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FIG. 4. As in Fig. 3, but for convective rain type.

moderate reflectivity increase between the RTH and
the 2208C height, strong increase between the 2208 and
08C heights (that also incorporates smoothed BB effects
near the 08C height), and weak increase or decrease
below the 08C height. The warm convective profiles
have similar behavior to the warm stratiform ones (see
section 2c, nonisolated warm profiles are separated
to stratiform and convective types on the basis of
reflectivity magnitude), and again the mixed type profiles show a gradual transition from cold to warm.
The interregional differences for convective type
profiles are similar to those seen for stratiform type, but
are much more pronounced. The Africa-West and
Madagascar (land regions) show increased high RTH
statistics compared with the Atlantic (oceanic) region,
with average profiles reaching 4 km higher. The RTH
histograms (Figs. 4d,e) also show a transition from being
warm rain dominated in the oceanic region to mixed rain
dominated in the continental region. The island RTH
histogram appears to be a superposition of the other
two. As opposed to the oceanic cold convective profiles,
which show an increase in reflectivity with decreasing
height below the 08C height, the other regions show a
decrease in reflectivity for the majority of that section, as
found in other work (Hirose and Nakamura 2004; Liu
and Zipser 2013). Last, the mixed-phase transition region is much deeper (between the 2408 and 08C levels)
for the nonoceanic regions. All these differences are
consistent with stronger and deeper convection over

land areas (Rosenfeld and Lensky 1998; Williams E. and
Stanfill 2002; Zipser and Lutz 1994), which in turn can
deepen the mixed-phase region in the cloud. Convective
intensity over land can also be linked to higher effective
LCL heights and CAPE values (see Table 1). Higher
effective LCL heights imply higher cloud bases (Craven
et al. 2002; Meerkötter and Bugliaro 2009), which in turn
imply increased vertical velocities (Zheng and Rosenfeld
2015; Zheng et al. 2015).
It should be noted that both stratiform and convective
cold and mixed profiles show relatively rapid increase in
reflectivity for the first ;1 km below the RTH (seen
especially between 1 and 1.25 km below the RTH in
Figs. 3, 4) with a scale break to weaker reflectivity increase below. As shown in the next section, the results
for the first ;1.25 km of the cold rain profiles may be
affected by a consistent artifact and should be treated
with caution.

b. Consistency of reflectivity slopes
The near-parallel average profile lines per specific rain
type in Figs. 2–4 give rise to the assumption that average
rain profiles follow similar hydrometeor growth pathways per rain type. On average, a population of hydrometeors initiated at a higher RTH will have more
distance (and hence more time) to fall, grow, and
eventually reach the surface with a higher reflectivity
signature. To test this assumption, we examine reflectivity slope (dBZ km21) profiles sorted by RTH at
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FIG. 5. Stratiform rain type mean vertical profiles of reflectivity slopes (dBZ km21) for chosen case studies. Slopes correspond to the
derivatives of the mean profiles in Fig. 3. Profiles are divided to cold, warm, and mixed subtypes (see line descriptions in legends). First
1.2 km of profiles with RTH above 258C are labeled with dashed lines and are excluded from later analyses.

250-m intervals for the case study regions of section 3a
and for stratiform (Fig. 5) and convective (Fig. 6) rain
types separately. Only temperature is used here as the
vertical scale, as hydrometeor growth processes and
phase transitions depend on temperature and not the
actual atmospheric altitude. Additionally, as performed
above, profiles are divided (different line colors) into
cold, mixed, and warm subtypes as specified in Table 2.
We note the existence of a local reflectivity slope spike
750 m below the profile top height (i.e., fourth point
from top) for both stratiform and convective profiles
with RTH above the ;258C isotherm height. A comparison to slope profile data from the new GPM satellite
level 2 Ku-band product [similar to TRMM with sensitivity of ;18 dBZ (Hou et al. 2014; Iguchi et al. 2010);
see Fig. S1 in the supplemental material for details] indicates that the main discrepancy between TRMM and
GPM is for the first 1.2 km of the profiles, where the
slope peak does not exist in the GPM data. The GPM
data, however, are in their initial stages of validation,
and further work is needed to understand the discrepancies between both satellites. Because of these uncertainties, we shall consider the first few samples of the
data as uncertain. We therefore mark the first 1.2 km of
slope profiles with dashed lines to highlight profile sections that are discarded hereafter. For more details on
the slope peak, see Figs. S1 and S2 in the supplemental
material.

In Fig. 5 all cold stratiform reflectivity slope profiles
(RTH located above the 258C isotherm height) nearly
converge to a single reflectivity slope profile, irrespective
of their RTH. The BB area shows larger variance between profiles, as expected when the derivatives in the
slope profile are very large. The convergence is seen for
all regions, but the variance in slope pathways of different
RTH is smallest for the oceanic region. It is important to
note that this convergence of reflectivity slopes to similar
values by profiles initiated at different heights does
not imply an identical growth rate per temperature/
height for all profiles. A constant logarithmic derivative
fi.e., [›(log10 Z)/›H] } (1/D)(›D/›H); see the appendixg
implies exponential increase of the growth rate with
distance traveled by an average hydrometeor. In other
words, a hydrometeor of diameter 2 mm must grow
4 times more than a 0.5-mm diameter hydrometeor per
kilometer distance for both hydrometeors to maintain
the same local reflectivity slope. A quantitative analysis
of the convergence of cold rain reflectivity slope profiles is performed below.
The warm stratiform rain profiles (RTH located below
the height of the 58C isotherm) do not converge to a
single slope pathway, but they do show a consistent behavior, especially for the oceanic region: a monotonic
decrease in slope value with the decrease in height (increase in temperature), starting at about 5–7 dBZ km21
and ending at smaller, positive values. Nearly parallel
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FIG. 6. As in Fig. 5, but for convective rain type.

reflectivity slope profiles are seen for the warm rain type
profiles in the other oceanic regions as well. Warm stratiform rain for continental and island regions show a similar
decreasing slope behavior but their slope profiles are much
noisier, possibly due to much lower statistics (see Fig. 5c)
or due to a larger natural variation in the thermodynamical
conditions associated with nonisolated stratiform warm
rain over land. As described in the previous section, the
mixed type profiles (RTH located between the 258 and
58C heights) show a transition between the cold and warm
rain type behaviors. The transition is clearly demonstrated in Fig. 5, where the highest mixed type slope
profile resembles the typical cold rain slope profile
and the lowest one resembles the typical warm rain
slope profile. This illustrates how the temperature
boundary values in Table 2 were derived, by observing
the temperatures where transitions in slope profile
behavior occur.
The convective rain slope profiles for the three case
study regions are shown in Fig. 6. Several interregional
similarities can be pointed out. All regions tend to show
convergence of the cold rain profiles (RTH located above
the 2208 and 2408C heights for oceanic and land regions,
respectively), to a nearly unique reflectivity slope profile.
The variance between these different RTH profiles
is smaller lower in the atmosphere, especially below
the height of the 08C isotherm. Above the melting level,
slope profiles show positive values ranging from 0 to
6 dBZ km21, whereas below the melting level, slope
values are positive and nearly constant (;0.5 dBZ km21)

for the oceanic regions but fluctuate from negative to
positive (from ;22 to 2 dBZ km21) for land regions. The
warm slope profiles (RTH below 08C) show similar behavior to their stratiform counterparts, but start from
much larger slope values (;9–12 dBZ km21) and show a
clear monotonic slope decrease with decreasing height
for all regions. As expected, the mixed type convective
profiles show a gradual transition from cold to warm
behavior for all regions. This transition region reaches
much lower temperatures for the continental and island
regions, illustrating the large differences seen between
oceanic and land regions for convective type profiles.
In fact, because of the larger variance for the cold rain
slope profiles above the 2308C height in land regions, it is
hard to set a clear boundary to where cold profiles behavior starts to shift to mixed type profiles. This is to be
expected in land regions where intense convective (and
possibly increased aerosol amounts) may increase supercooled water and mixed-phase particle fluxes to higher
altitudes, delay ice formation, and widen the mixed-phase
layer (Rosenfeld 2000; Rosenfeld and Woodley 2000;
Williams E. et al. 2002; Zipser and Lutz 1994). Thus, the
upper boundary of the 2408C isotherm was taken for the
land mixed rain type. It corresponds to the homogeneous
freezing height (Pruppacher 1995), where above it profiles
are likely to contain only ice processes.

c. Cold rain slope profiles
The significant similarities between the cold rain
reflectivity slope profiles originating at different RTHs
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FIG. 7. (a),(c) Mean and (b),(d) std dev of cold rain reflectivity slope profiles (dBZ km21) as a function of temperature (8C) for all
12 regions in Fig. 1a (see legend for line description). Data are divided to (a),(b) stratiform and (c),(d) convective rain types. Interregional
differences are much more prominent for convective rain type.

(blue lines in Figs. 5, 6) suggest emergence of a universal
behavior of hydrometeor growth that can be described
by a characteristic slope profile. Cold rain profiles comprise between 25% and 50% of all profiles (see Table 3),
so a significant portion of the data can be represented by
characteristic profiles. We note a weak dependence of the
average cold rain profiles on the radar incidence angle
(not shown here), yielding higher average reflectivity per
height below the melting level (up to 2 dBZ) for nadir
profiles compared with swath edge profiles. These effects
are most prominent for stratiform type profiles with incidence angles larger than 8.58. Therefore, to obtain the
most accurate cold rain profiles while maintaining sufficient statistics, we limit the analyses of this section to the
center half of incidence angles (i.e., rays 0–12, or angles
smaller than 8.58). This constraint reduces the number of
profiles considered by about 50%.
The average cold rain profiles for all regions are
shown in Fig. 7. An outstanding finding is seen for
stratiform rain (Fig. 7a), where the average reflectivity
slope profiles of all regions nearly overlap each other.
As a measure of the significance of the average cold rain
slope profile, the variance (between slope values of
different RTH profiles) per temperature is plotted in
Fig. 7b. The largest variance values (up to 4 dBZ km21)
are between 288 and 88C temperature levels (Fig. 7a),
corresponding to the region where transitions in reflectivity slopes occur, as seen in Fig. 5. Below and above
this region the variance is much lower and stable at
around 0.3 dBZ km21.

The average cold rain stratiform profile can be
divided to three distinct regions: 1) above the 2128C isotherm height, where a constant slope of ;1.5 dBZ km21 is
seen; 2) between the 2128 and 108C heights, where slope
values shift considerably because of the BB and localized microphysical effects (e.g., aggregation of snow,
hydrometeor phase changes, and changes in volume
concentration and particle density), showing exponential slope increase from the 2128C height to the
positive maximal peak of 10–15 dBZ km21 at ;28C
height, followed by a sharp decrease in slope values
to a negative peak of 25 dBZ km21 at the ;68C height;
and 3) below the 108C height, where the slope is neutral to slightly positive (;0–0.5 dBZ km21) until the
profile bottom.
Specifically, the increase in slope value between
the 2128 and 08C heights is unlikely to be attributed to
melting or ice hydrometeor density changes (Johnson
et al. 2012), but rather to more efficient ice hydrometeor
growth processes, such as aggregation of ice particles
(Smull and Houze 1985; Stith et al. 2002; Willis and
Heymsfield 1989). Aggregation is known to occur
mainly in temperatures warmer than 2128C and increase in efficiency as the 08C level is approached
(Hosler et al. 1957; Mitchell 1988). Above the 2128C
height and below the 108C height, the small reflectivity
slopes indicate weaker growth processes. This could be
due to a combination of reasons discussed above, such as
inefficient ice–ice processes (at high altitudes), balance
between collection and breakup (at low altitudes), or
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FIG. 8. (a) Mean tropical stratiform cold rain reflectivity slope profile (dBZ km21; blue curve) as a function of
ambient temperature (8C). The profile was composed by averaging all regions and all RTH cold rain stratiform
profiles together and taking the derivative. (b) The corresponding std dev profile. The mean slope profile can be
well represented by an exponential fit for temperatures lower than 228C (black curve), and two fits of Gaussian
derivatives for higher temperatures: one between 228 and 48C (red curve) and one for temperatures above 48C
(green curve). Fit details and coefficient values are included in the figure legend.

low CWC values throughout most of the stratiform
vertical.
The minor differences between the stratiform profiles
of oceanic, continental, and island regions suggest that
the typical land–ocean differences in convection and
microphysics take place mostly in the cloud cores and
not clouds’ and cloud systems’ margins. We can assume
that stratiform rain processes (away from the convective
core) in deep clouds with cold rain depend mainly on the
temperature and CWC profiles of the clouds and less on
convective intensity and drop size distributions, which

are more relevant to the rain development in the cloud’s
core. Since the tropical temperature profiles (see Fig. 2)
are very similar for all regions, we can conclude that the
CWC profiles of the cloud margins are very similar as
well, even though they may be very different in the cloud
cores. In Fig. 8a the stratiform, cold rain slope profiles
from all the regions are averaged together to get a mean
tropical ITCZ representative slope profile. It can be well
fit by exponential growth above the BB region and two
Gaussian derivative functions below, depending only on
temperature, as follows:



dBZ
5 a exp(T2b)/c 1 d , for T , 228C ,
km


2
dBZ
5 a(b 2 T) exp2[(T2c) ]/d 1 e , for
T . 228 and T , 48C, and
slope(T)
km


2
dBZ
5 a(b 2 T) exp2[(T2c) ]/d 1 Te , for T . 48C,
slope(T)
km

slope(T)

where T is the temperature and the coefficient values are
shown in the legend of Fig. 8a. The corresponding reflectivity slope standard deviation profile is shown in
Fig. 8b. According to the fit, above the altitude of
the 2128C isotherm we have a nearly constant growth

(2)

rate of 1.43 6 0.45 dBZ km21 [implies average hydrometeor growth by 4.8% km21, see Eq. (A4)], and below the 108C height there is a weak increase of slope
from 0 6 0.35 dBZ km21 to a maximum of 0.2 6
0.45 dBZ km21 at the surface. Such a fit can be used for
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comparison with measured data by other instruments,
for validation of numerical models results, or for validation of physically based models of stratiform cold
rain profiles (e.g., Awaka et al. 1985; Kirstetter
et al. 2013a).
Contrary to the stratiform case, the average cold rain
slope profiles for convective rain (Fig. 7c) show significant interregional differences. The standard deviations per region (Fig. 7d) are generally slightly
larger (range about 0.25–1.4 dBZ km21) than in the
stratiform case except in the vicinity of the BB region,
indicating larger sensitivity of the cold rain slope profiles to changes in RTH. It can be seen that the continental and island profiles reach higher in the
atmosphere (significant statistics up to 2608C) than the
oceanic regions profiles (;2308C). The shift of continental profiles to higher altitudes is in line with expectation for stronger updrafts, higher cloud bases
(Jorgensen and LeMone 1989; Williams E. and Stanfill
2002), and the elevated topography for continental and
island regions (see Table 1).
As seen in previous work (see section 1), the oceanic
regions consistently show larger reflectivity slope values
throughout the vertical profile, peaking at (5.5–6.5) 6
0.5 dBZ km21 compared to (3.5–5) 6 0.5 dBZ km21 for
the land regions. Above the 2208C height, where we
expect mostly ice–ice processes to occur, slopes of
(2–3.5) 6 (0.5–1) dBZ km21 are seen for all regions. Increasing variance with height is seen at those levels, more
so for regions inclined to stronger convection. We note
that the mid-Pacific region is anomalous compared to the
rest above 2108C, showing the highest slope values. This
may be another indication for relatively weaker convection for this region and is consistent with its lowest
LCL and CAPE values in Table 1. Below the 108C
height, where only warm processes are expected, we see
slightly positive slopes for the oceanic regions (0–1) 6
0.5 dBZ km21 and slightly negative to neutral slopes for
the land regions (21–0) 6 0.5 dBZ km21 (Hirose and
Nakamura 2004; Liu and Zipser 2013). As discussed in
section 1, land areas may experience updrafts larger
than typical raindrop terminal velocity, creating a situation where the raindrops grow while rising rather than
falling. Oceanic regions experience updrafts weaker
than terminal fall speed, so raindrops grow while falling
to the ground.
We further hypothesize that the magnitude and temperature level (i.e., height) of the mean convective
positive slope peaks in Fig. 7c are a direct measure for
convective intensity and typical updraft strengths. Taking the mean cold rain stratiform profile as a reference
for the extreme case of weak convection, the stronger
the slope peak value and the lower the height at which it
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resides, the weaker the convection. In stratiform rain
the reflectivity slope peak is attributed to phase transition from ice to liquid hydrometeors (Fabry and
Zawadzki 1995; Wexler 1955). By analogy, we can assume that the slope peak height can be considered as a
measure for the effective melting level (transition from
ice-phase-dominated hydrometeors to liquid-phasedominated hydrometeors) in the convective cores of
these deep clouds.
This hypothesis is tested in Fig. 9. The stratiform slope
peaks are all located between the 18 and 2.58C levels,
with magnitudes between 12 and 15 dBZ km21, while
the convective slope peaks are of weaker magnitudes
located higher in the atmosphere. Oceanic regions
show more ‘‘stratiform like’’ profiles, with larger slope
peaks (;6 dBZ km21) around 08C, while land regions
(continental and islands) have smaller slope peaks
(;4 dBZ km21) and can reach much higher altitudes
(up to the 27.58C height for Africa-West). Indications
for extreme convection for the Africa-West and AfricaEast regions have been previously reported (Boccippio
et al. 2000; C. Liu et al. 2012) and are also implied by
Table 1, with the former showing the highest LCL
height and CAPE and the latter showing the highest
mean elevation.
In general, smaller slope peaks coincide with higher
peak locations and increased high RTH statistics. These
changes can all be explained by the following possible
effects of updraft strength on convective cores:
1) Temperature increase in the convective core can
raise the 08C isotherm height locally, as temperature
excess (of up to 88C) in convective cores has been
shown to coincide with updraft strength (Sinkevich
and Lawson 2005). Thus, the effective in-cloud
melting layer can reside above the environmental
melting layer.
2) Transport of liquid (ice) hydrometeors above (below) the in-cloud melting level can smooth BB layer
effects, thus reducing the slope peak near the
melting level.
3) Updraft increase should directly increase cloud
vertical development and therefore also the RTH.

4. Summary
In this work we analyze over 16 years of TRMM
reflectivity profiles over several continental and oceanic tropical regions. We find that when data are averaged according to rain top height (RTH), a consistent
behavior emerges, where mean reflectivity profiles
form non-overlapping manifolds in the height–
reflectivity space. Binning by RTH enables one to
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FIG. 9. Reflectivity slope peak magnitude (dBZ km21) and temperature (8C) for the corresponding profiles shown in Fig. 7. Stratiform (convective) peaks are marked by small (large)
markers. Different colors and marker types indicate different regions (see legend). Error bars
indicate the std devs around the mean.

link the reflectivity profile characteristics to the dominant hydrometeor growth microphysical processes,
which are strongly temperature dependent. Moreover,
it is equivalent to binning by local meteorological
conditions, since the local thermodynamic conditions
are the main factor that determines the cloud development (i.e., RTH is end result of meteorology). This
fact, together with similar average thermodynamic
conditions in the tropics, enables us to compare results
from different regions without additional decoupling of
meteorological effects.
In addition to separating the profiles to stratiform
and convective rain types, we further divided these
types to cold, mixed, and warm rain types according to
the top temperature of the profiles (see Table 2 for
exact definitions). These divisions were performed
based both on physical considerations and empirical
interpretations of reflectivity slope profiles. Generally, each of the types above represents a subset of
data that shows a consistent profile behavior (cold and
warm) or transition between one behavior and
another (mixed).
The main finding of this work is that, knowing the
RTH and the type of rain (stratiform or convective)
allows for an approximation of the entire averaged

vertical reflectivity profile. We find that per rain type,
profiles follow similar hydrometeor growth pathways
but differ in top heights, which give the average hydrometeor more time to grow. In particular, we note the
following findings:
1) Cold rain reflectivity slope profiles are nearly independent of the RTH (i.e., profiles initiated at
different RTHs converge to a similar reflectivity
slope profile). Warm rain reflectivity slope profiles
are strongly dependent on RTH, but show consistent
behavior of decreasing reflectivity slope with decreasing height. Mixed rain shows a transition between cold rain and warm rain reflectivity slope
profile patterns. These findings are true for both
stratiform and convective types.
2) A common reflectivity slope profile was found for
stratiform cold rain in all regions (ocean, continental,
and islands), despite significant differences in their
corresponding convective profiles. This slope profile
can be approximated by analytical means [Eq. (2)],
depending only on the temperature profile, which is
very similar throughout the tropics. It is important to
note that this rain type is the most abundant for
tropical ITCZ regions.
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3) Interregional differences are most apparent when comparing convective cold rain profiles, where the deviation
from the typical stratiform cold rain profile can be used
as a measure for convective intensity. Oceanic regions
show more similarity with stratiform type profiles, while
land regions show smaller reflectivity slope peaks that
are also located at higher altitudes, indicative of a higher
and smoother effective melting layer (i.e., transition
layer of ice-phase-dominated to liquid-phase-dominated
hydrometeor regions in the clouds) due to increased
updrafts in those regions.
The interregional consistency of reflectivity profiles
indicate robustness of the results and imply that dominant microphysical effects in hydrometeor growth can
be extracted from these analyses. Measurements and
models have shown that the RTH is located only
slightly below the cloud-top height (Göke et al. 2007;
Khain et al. 2013). Thus, the more easily measured
cloud-top height or cloud-top temperature can be used
to approximate RTH, which then determines the average vertical profile below. However, we note that the
findings here are inherently limited by the sensitivity of
TRMM PR (;17 dBZ), as the measurements may be
biased to lower rain top heights and higher average reflectivity values. This limitation should be taken into
account when comparing with other instruments or applying the data in physical models.
The results in this work raise a conclusion that can be
considered analogous in a way to the Marshall–Palmer
(MP) distribution of raindrops (Marshall and Palmer
1948). There, only when sufficient statistics of raindrop
sizes are taken does the exponential MP distribution
appear. Similarly here, only when sufficient statistics
(100–10 000 counts) of reflectivity profiles are averaged
together do we see smooth and consistent behavior of the
average reflectivity profile. These average profiles can be
used for validation of the calculated profiles by GCMs
and could potentially replace the need for computational,
costly explicit microphysical schemes when large statistics
are considered.
We note that the results in this work only apply to
tropical ITCZ regions that all show similar meteorological conditions. Other climatic regions (e.g., semiarid) or weather systems (e.g., extratropical cyclones)
may exhibit different behaviors of the average reflectivity profiles. Such comparisons can be put to test in the
near future as reflectivity profile data from the GPM
satellite are collected, permitting coverage of mid- and
high-latitude regions as well.
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APPENDIX
Vertical Growth of an Average Hydrometeor
Here we set the stage for a simplified framework for
relating reflectivity slopes (dBZ km21) with hydrometeor growth processes. Our basic assumption is that the
reflectivity profile represents a distribution of hydrometeors, generally falling vertically and at the same time
growing by various microphysical processes. Reflectivity
(i.e., Z; mm6 m23) is defined as
ð
(A1)
Z 5 n(D)D6 ›D ,
where D (mm) is the hydrometeor diameter (assuming
sphericity) and n(D) (m23 mm21) is the hydrometeor
size distribution per unit volume. Assuming an MP distribution for the population of hydrometeors [i.e.,
n(D) 5 N0 exp(2D/D), with D being the average hydrometeor size], Eq. (A1) can be solved to get
Z 5 G(7)N0 D 7 ,

(A2)

where N0 is a constant of order 103 and G is the Gamma
function. Using the logarithmic definition of reflectivity
[dBZ 5 10 log10 (Z/1 mm6 m23 )] one yields to the following expression for reflectivity slopes:
10›(log10 Z)
70 1 ›D
,
[ f (H) 5
ln(10) D ›H
›H

(A3)

where f (H) is an arbitrary function dependent on vertical height in the atmosphere, where increasing H
represents hydrometeor decrease in height. Integrating
Eq. (A3), we get
 ð

D 5 D0 exp c f (H)›H ,

(A4)

where c 5 ln(10)/70 and D0 is the initial average hydrometeor size (e.g., TRMM detection limit size).
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Hence, it can be seen for an MP distribution of hydrometeors that the growth factor is scaled to the initial
hydrometeor size. We note that this fact is inherent to
the definition of dBZ (logarithm of linear reflectivity)
and should hold for all types of hydrometeor size distributions (e.g., gamma, lognormal).
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